Introduction
[2] The perennially ice-covered Arctic Ocean is difficult to access for oceanographic investigations. In the past, limited measurements taken in different regions and years by arduous and expensive field investigations, were compiled to map circumpolar distributions of water masses (Figure 1 ). Comparisons of temperature, salinity, d
18 O and other tracers along oceanic transects indicate that during the past two decades the distribution of Atlantic water and river runoff has varied dramatically [e.g., Carmack et al., 1997; Morison et al., 1998; Steele and Boyd, 1998; Maslowski et al., 2000; Ekwurzel et al., 2001; Björk et al., 2002; Boyd et al., 2002; Schlosser et al., 2002] . These changes in the distribution of water masses have profound effects on climate, including the global meridional overturning circulation, and require an assessment of water-mass distribution on shorter space and time scales.
[3] Validating the timing and location of the shifts in surface hydrography in the interior Arctic Ocean is difficult, because sampling requires access from icebreakers, aircraft, or submarines. Here we show that sea ice -the very substance that hinders direct measurements -can be used as an archive of upstream water mass properties. Level sea ice thickens primarily by ice growth on the bottom as it drifts for several years through the Arctic Basin before exiting, generally through Fram Strait or the Barents Sea. Depending on location and responding largely to the winds [Thorndike and Colony, 1982] , multiyear ice floes can drift ca. 1000 km/yr over surface waters with markedly different characteristics (Figure 1 ).
[4] Stable oxygen isotopes are especially valuable tracers in investigations of Arctic surface water masses [Ostlund and Hut, 1984; Schlosser et al., 1995; Bauch et al., 1995; Ekwurzel et al., 2001; Macdonald et al., 2002] . d
18 O, the ratio of 18 O to 16 O in a sample normalized to the ratio in standard seawater (SMOW), is expressed in parts per thousand (%). Arctic river runoff, derived from precipitation, is depleted in 18 O with an average value of À18%, while Atlantic water is about 0.3% and the Pacific Inflow has values around À1% [Ekwurzel et al., 2001] (Figure 1 ).
Approach
[5] Our goal is to reconstruct the ocean surface d
18
O field in inaccessible regions, using d
18 O profiles from sea ice cores coupled with back trajectories of ice drift and a simple ice growth model. This approach requires that the floes thicken by bottom ice growth without significant deformation, downcore sampling frequency must be adequate to minimize effects of volume averaging, the back trajectories must be accurate, d
O must be conservative, fractionation factors must be known, and basal ice accretion and melting must be estimated through an ice growth model. Profiles of d
O are from sea ice cores obtained in 1989 (3 cores Barents Sea), 1991 (12 cores Eurasian Basin), 1992 (31 cores Chukchi Sea), 1993 (19 cores Beaufort Sea), 1994 (7 cores Transpolar Drift), and 1995 (24 cores Laptev Sea). Cores were collected from level ice that, based on stratigraphic analysis, was mostly undeformed and had thickened by bottom growth, with rafted ice excluded from the analysis. Cores were sampled at ca. 10 cm intervals, which appears to provide sufficient resolution (see profiles in Figure 2 : a 2.5 m core would produce 25 samples over 3 years or ca. 3000 km, resulting in a sample on average every 90 km during the ca. 9 month ice growth season). GEOPHYSICAL RESEARCH LETTERS, VOL. 31, L19401, doi:10.1029 /2004GL020666, 2004 Copyright 2004 by the American Geophysical Union. 0094-8276/04/2004GL020666 Back trajectories of ice drift were calculated based on a combination of remote sensing and buoys from the International Arctic Buoy Program (IABP [Fowler, 2003] ), with an estimated error of ca. 100 km/year [e.g., Pfirman et al., 1997] . Theoretical work [Eicken, 1998 ] and analysis of decades to centuries old sea ice samples [Jeffries, 1991] indicates that d
O is conservative: ice desalination through brine drainage does not significantly affect the bulk isotopic composition. Downward flushing of snow meltwater alters the composition of the uppermost 0.2 to 0.4 m (see top part of core profiles in Figure 2 ) but is of lesser importance below the freeboard layer [Eicken et al., 2002] . Therefore, the top 10% of each core was excluded from this analysis. Outliers, deviating >2% from adjacent values, were also excluded.
[6] During sea ice formation, 18 O is preferentially incorporated into ice over 16 O compared with the parent water. Fractionation varies from <0.1% for fast growing (>10 mm h À1 ) frazil ice up to >2.5% for slow growing (<0.01 mm h À1 ) columnar ice [Eicken, 1998 ]. Most of the ice used in this analysis was columnar multiyear ice and grew slowly at the base of a 1 -3 m thick ice column. For typical multiyear floes of 2 m thickness, basal ice growth rates would vary between 0.1 and 2.0 cm d À1 during winter, resulting in theoretical fractionation of 1.6 to 2.5% [Eicken, 1998 ]. Field measurements [e.g., Melling and Moore, 1995; Macdonald et al., 2002] , and results from this analysis (e.g. scatter plots and profiles in Figure 2 ) indicate that 2% is a reasonable fractionation value for drifting multiyear ice.
[7] In addition to snow melt influencing the ice surface, both under-ice melt ponds and some summer ice layers have depleted d
O values characteristic of admixtures of snow melt (Figure 2a ) [Jeffries et al., 1989 [Jeffries et al., , 1995 Eicken et al., 2002] . Such annual layers are sometimes accompanied by biogenic inclusions and/or changes in ice crystallography. Annual layers are of assistance, because they provide a time stamp indicative of summertime ice accretion, and aid in validation of the ice growth model (Figure 2 ). Clearly identified underice meltponds were removed prior to back trajectory mapping because they do not represent the regional isotopic composition of the surface ocean.
Ice Growth Model
[8] In order to relate ice core depths to dates on the back trajectories, we employed a simple ice growth model. Ice growth is controlled by freezing/melting at the ice bottom, and melting at the surface during the summer. Growth at the ice bottom is modeled by balancing the latent heat of freezing/melting, the ocean heat flux, and the conductive heat loss [e.g., Thorndike, 1992] :
where L is the latent heat of fusion (3.10 8 J m
À3
), DH/Dt is the ice growth rate, H is layer thickness, F is the ocean heat flux, T is temperature (T 0 = À1.9°C at the ice-water interface), and k is thermal conductivity (k ice = 2 W m
. Following the back trajectory for each ice core, the daily ice growth increment was computed from equation (1), using snow depth estimates from Warren et al. [1999] , estimates of ocean heat flux from modeling by Zhang et al. [2000] , and daily mean temperatures from the IABP database [Rigor et al., 2000] . The rate of melting at the surface during the summer was set to 0.005 m d
À1
, consistent with total summer melt used by Thorndike [1992] .
[9] The ice growth model assigns a date to each sample in each core. The back-trajectories in turn yield a sample's geographic location. If the model underestimates the growth rate (e.g., by overestimating snow depth) then the samples will be assigned dates that are too early, and the assigned locations will be too spread out along the trajectory. Fortunately, we can use annual layers in some cores to adjust the model parameters, specifically the thermal conductivity of snow (k snow ), to match observed and simulated growth history. Higher k snow means faster growth, which also could be caused by thinner snow, lower air temperature, or lower ocean heat flux. A lower summer melt rate also results in faster growth rates (because we model the growth in reverse), but is relatively more important for thick, slow-growing ice. Islands also manifest the influence of Atlantic water passing to the northeast of this archipelago. On the other side of the Arctic, the Pacific inflow shows up clearly in cores from ice that drifted through the Chukchi Sea. As expected, ice accreted in the Beaufort Gyre with its reservoir of river water retains a depleted isotopic signature. Data archived by drifting sea ice fills in regions poorly resolved by direct sampling from ships: northeast of the New Siberian Islands, the central Beaufort Gyre, and the central axis of the Transpolar Drift.
Variability
[11] What causes the variability in reconstructed values and the deviations from the climatology? In this analysis we eliminated obvious refrozen underice meltponds, but we retained the summer ice layers, corresponding to samples with anomalously low d
18 O (dark blue points in Figure 2 ). Some of the variability is likely due to errant trajectories, undetected layers of ice rafted from different source regions, and sampling or analytical errors. The weighted averaged contouring in regions of sparse data possibly introduces artifacts including the segregation into two pools of Atlanticorigin waters, and the extension of Atlantic and river influence into the central basin with little or no data. The degree of variability of the multiyear central Arctic (1991 and 1994) samples is significantly smaller than those collected over the Barents, Chukchi, Beaufort and Laptev Sea shelves. A detailed analysis of 1995 Laptev Sea ice cores established that spatio-temporal variations are due to steep gradients in surface water composition and complex shelf circulation patterns, including the recirculation of first-and second-year ice [Eicken et al., 2000] .
[12] On a pan-Arctic scale, the reconstructed d
18
O field is more negative than the climatology: although 2% fractionation fits the offset in individual multiyear cores and the bulk of the data (Figure 2 ), the average offset between the ocean climatology and the reconstructions is 1.45% for k snow = 0.5 W m À1 K À1 and 1.65% for
The Pacific Inflow appears less influential in the ice core reconstruction (Figure 2 ), based on 1992 and 1994 samples, than in the climatology, based on a mix of pre-and post-1992 data (Figure 1) . A weakened Pacific inflow is supported by tracer analysis [Ekwurzel et al., 2001] , documenting a decrease in the influence of the Pacific Water mass in the central Arctic between 1991 and 1994. Increasing river run-off from Siberian rivers [Ye et al., 2003] would also result in reduced d
O values.
[13] Siberian river influence is more extensive in the reconstruction north and east of the Kara Sea near Severnaya Zemlya and north of the East Siberian Sea, compared to climatology. The latter is not well constrained off Severnaya Zemlya (Figure 1 ), but increased Ob and Yenisey river influence in this region is possible. During 1993 and 1994, other investigators noted extensive flow of river runoff along the shelf to the east, with some offshelf flow occurring north of the New Siberian Islands (ca. 140°E) but most leaving the shelf at the Mendeleyev Ridge (ca. 170°E [Steele and Boyd, 1998; Maslowski et al., 2000; Ekwurzel et al., 2001; Guay et al., 2001; Boyd et al., 2002] ). The region of proposed offshelf flow is in the vicinity of the depleted values mapped by the reconstruction. Some Laptev Sea ice cores reflect winter ice growth following the summer of 1994 when river runoff was apparently confined to the inner shelf [Eicken et al., 2000; Guay et al., 2001] .
[14] The Beaufort Gyre values, reconstructed largely from ice samples obtained in 1992 and 1993, are more depleted than the climatology, which is based on relatively few samples obtained largely prior to 1992. This change is consistent with increased river influence in this region in 1992 compared with the years before and after [Macdonald et al., 1999] . Maslowski et al. [2000] also modeled a substantial increase in river water transport to the Beaufort Gyre during the period 1979 to 1993.
[15] In the Eurasian Arctic, there was less river runoff and extended influence of Atlantic water from 1991 to 1998 [e.g., Carmack et al., 1997; Steele and Boyd, 1998; Boyd et al., 2002; Schlosser et al., 2002] . North of the New Siberian Islands, cores obtained primarily in 1989 through 1995 match the elevated d
18 O distribution in the climatology, representing Atlantic influence in this region. However, within and north of the Barents Sea, the Atlantic water signature in the reconstruction is markedly subdued because the reconstruction represents earlier conditions: it is largely based on a few cores obtained in the Barents Sea in 1989 and the Transpolar Drift in 1991. Also, increased heat flux from strongly Atlantic-influenced waters may diminish ice growth or melt the ice underside [Steele and Boyd, 1998; Björk et al., 2002] to the extent that Atlantic signatures are underrepresented. 18 O field of the central Arctic can be reconstructed from sea ice cores, allowing for indirect mapping of the surface water mass distribution. This method cannot substitute for direct sampling: limitations include modeling ice accretion and melt, errant trajectories, variable fractionation, discontinuous records due to lack of ice formation or basal melt, and undetected ice rafting. However, annual sampling of sea ice at the North Pole and peripheral ice exit locations (Fram Strait, Barents and Beaufort seas) would provide ice that had drifted over large areas and would be a cost-effective means of estimating spatial and temporal variations in oceanic frontal boundaries in the ice-bound interior of the Arctic Ocean.
Conclusions

